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Southern Ocean in a changing climate
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2 Motivation

(micro- to (sub)mesoscales) using in situ observations by autonomous surface and un-
derwater vehicles. It marks the first time that upper ocean variability in the sea ice im-
pacted Southern Ocean has been observed at spatio-temporal resolutions which resolve
the evolution of physical and biological phenomena at the submesoscale and below.
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Figure 1.1: The major Southern Ocean changes assessed in the IPCC Special Report on the Ocean and
Cryosphere (Meredith et al., 2019). The circumpolar circulation together with the prevailing westerly
winds are highlighted. We draw attention to the major water masses and their link to the overturning
circulation. Recent (since the 1980s) surface ocean trends (cooling and freshening of the subpolar
ocean, warming in the northern Southern Ocean) are illustrated with the blue and red coloring around
Antarctica.
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304 Ocean Mixing

FIGURE 12.2 Conceptual view of the main processes driving mixing in the upper cell of the Southern Ocean. It includes mixing processes spanning the
open-ocean ACC domains, dominated by surface winds and waves, to the sea ice and ice shelf-impacted regions of the Southern Ocean. An estimated
scale for each mixing processes is indicated.

the weak stratification of the region that allows deep mixed layers to form seasonally (Dong et al., 2008; Holte et al., 2017),
supporting vertical mixing between the upper ocean and the thermocline.

Overlying this energetic ocean environment is an atmosphere characterised by strong and variable winds that promote
atmosphere–ocean interactions, e.g. via momentum, CO2, and heat fluxes. The surface experiences a strong time-mean wind
stress (momentum flux) associated with a band of maximum wind forcing (Lin et al., 2018) induced by transient storms,
with near-surface wind speeds often exceeding 20 m s−1 (Yuan, 2004). Storms add a time-varying and rotational component
to the background wind forcing, which can interact directly with the lateral density gradients and induce Ekman pumping
and shear-driven mixing. In addition, seasonal air-sea and air-sea-ice fluxes of heat and freshwater change the buoyancy
budget of the mixed layer, which as we will see later in this chapter, can enhance or arrest mixing processes within and
below the thermocline, and are thus important for the ventilation of the lower thermocline. Fig. 12.2 encapsulates a broad
range of processes that influence surface boundary-layer properties and their exchange with the interior.

12.3.2 Mixing in the surface boundary layer and connection to subsurface adiabatic stirring

12.3.2.1 Surface water mass transformation
A significant proportion of upper-ocean mixing and mixed-layer properties can be ascribed to relatively simple one-
dimensional physical responses to surface momentum and buoyancy fluxes (Price et al., 1978; Large et al., 1994). Studies of
surface boundary-layer turbulence have historically been weighted to Northern Hemisphere conditions. (For fundamentals,
see Chapter 4 for discussion of surface layers and Chapter 5 for surface-generated internal waves.) More recent observations
are allowing us to understand mixed-layer budgets in various regions of the Southern Ocean, including sea-ice impacted
regions, albeit at relatively coarse resolution (Pellichero et al., 2017). Surface forcing mechanisms are exceptionally strong
in the Southern Ocean and are characterised by distinct seasonal cycles of sea-ice freshwater and air-sea heat fluxes that are
the primary drivers for surface salinity and temperature variations (Pellichero et al., 2017).

During austral winter, high levels of heat loss by the ocean can lead to deep convective mixing, resulting in deep mixed
layers (Holte et al., 2012). This is particularly the case at the northern edge of the ACC (north of the Subantarctic Front),
where mixed layers can exceed depths of 700 m in winter (Dong et al., 2008; Tamsitt et al., 2020). Heat loss events are
intermittent, and most of the annual mixed-layer deepening appears to occur during a small number of events (Ogle et al.,
2018). These strong air-sea exchanges lead to water-mass transformation at the surface and are a leading order driver of
Sub-Antarctic Mode Water (SAMW) formation and its interannual variability (Naveira Garabato et al., 2009). In addition,

Southern Ocean Mixing Processes
Gille, Sheen, Swart & Thompson, 2022 – Mixing in the Southern Ocean, chap. In Ocean Mixing 

Extremely few observations for such a complex system!!
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Figure 1. The Southern Ocean fine-scale: visible spectrum image observed by the Visible Infrared Imaging Radiometer Suite
(VIIRS) aboard NASA-NOAA’s Suomi NPP satellite on 16 November 2015. In this view, springtime phytoplankton blooms and
aspects of the marine biome are shown swirling in various patterns in the South Atlantic Ocean between the Falkland Islands
and South Georgia Island. These blooms (green to blue shades) act as tracers that highlight various ocean fine-scale dynamics,
including fronts, eddies and filaments interacting between the meso- to submesoscale (space scales indicated on the image).
Sea and land ice (just visible in the southern domains) perturbate the freshwater gradients in the ocean, which can act to alter
ocean stratification and lateral buoyancy gradients, thereby directly impacting fine-scale ocean energetics. Overlying the ocean
is a turbulent atmosphere of rapidly evolving cloud cover, winds and air masses that directly impact the coupling of the ocean
to the lower marine boundary layer and associated air-sea fluxes. Image Credit: NASA/Ocean Biology Processing Group, NASA
Goddard Space Flight Center/ NASA-NOAA Suomi NPP. (Online version in colour.)

particularly important in this respect, not least due to its disproportionate role and sensitivity
to climate variability and change [18,19], but also because it is associated with high mesoscale
activity, has large domains covered by seasonal sea ice (18 million km2) and is impacted by
immense atmospheric storms (approx. 1000 km; [20]). These processes impact the surface ocean
boundary layer and thereby the exchange of heat and carbon between the ocean interior and the
atmosphere. A major challenge is to extract the potential role of fine-scale processes on the longer-
term climate perturbations that are projected in the coming century. Addressing this need requires
innovative experimental designs, fine-scale observations, and satellite missions together with
high-resolution coupled models [21,–23] that can adequately interrogate the physical-biological
and ocean-atmosphere coupling of processes in this unique and globally important part of the
ocean.
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The fine-scale ocean impacts its boundaries 
- we can’t yet fully observe or quantify
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Salinity fronts in Southern Ocean MIZ

Swart et al., 2020

freshwater is advected from more southern latitudes over time, where sea‐ice melt extends further into the
summer season.

The variations in the haline fronts (<1 km) observed by the Sailbuoy can exceed 0.5 g kg−1 km−1 with the
50th percentile = 0.03 g kg−1 km−1 and 95th percentile = 0.141 g kg−1 km−1 (Figure 2b). The lateral salinity
gradients obtained only between consecutive glider up‐cast and down‐cast data (see section 2; Figure S2)
indicate comparable, strong salinity fronts within the mixed layer (50th percentile = 0.025 g kg−1 km−1

and 95th percentile = 0.241 g kg−1 km−1). The small, yet potentially important remains of thermal lag error
in the salinity data within the mixed layer, between successive Seaglider climb and dive profiles
(0.01 ± 0.02 g kg−1 km−1), can lead to lateral salinity gradients being overestimated by ~15 ± 31%. This is
an upper bound overestimate given that the salinity differences between profiles include actual lateral sali-
nity fronts too.

Furthermore, wavenumber spectra are used to show the variance in the lateral density measured by the
Sailbuoy over wavelengths of 1–50 km (Figure 3b). The surface density was first linearly interpolated to
400 m, the average distance between sampling, detrended, and smoothed with a 2 km Gaussian window
before the power density spectra was computed. The best‐fit wavenumber (k) slope for the surface density
is k ~−2.4 (Figure 3b). The fairly less steep wavenumber spectra found in this study indicate somewhat more
energetic small‐scale structures compared with those observed in the Arctic at 70°N (k = −2.8 from
Timmermans & Winsor, 2013) and under Arctic sea ice (Timmermans et al., 2012) where spectra slopes

Figure 2. (a) Continuous surface temperature (T), salinity (S), and density measurements by the Sailbuoy over ~2.5 months. Red (black) triangle markers represent
the start of Sailbuoy transects heading southward (northward). The dashed lines indicate an expanded view in (b) of T, S and density gradients at ~200‐km scale. T
and S ranges are proportionally scaled by the thermal expansion (α) and haline contraction (b) coefficients, so that equal displacements have equal effect on
density. (c) Distributions of the density ratio, R, and Turner angle calculated from the Sailbuoy surface data for early summer (blue), late summer (orange), and the
entire deployment (black).

10.1029/2019GL086649Geophysical Research Letters
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Rd = 8 km
±70% sampled at 
<0.005 kg m-3 km-1

Length-scale of upper ocean fronts
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Impacts of a turbulent atmosphere on the submesoscale

Edholm et al., GRL, 2022

ARs produce 50% precipitation 
= 10% of surface buoyancy



Glider wind-front interactions at submesoscales

Glider density gradients during different wind regimes

Swart et al., 2020

Glider climb-dive phases Figure	S2:		
We	are	using	SG	upper	’
spatial	scale	sampling	of	surface	layer	
gradients.	If	we	use	the	combined	up	
and	subsequent	down	cast	we	can	
achieve	sampling	resolutions	of	
200m	and	±30mins	in	the	ML	(but	
repeating	only	every	5	
This	way	we	can	really	sample	the	
gradients	at	fine	scale
data	but	we	get	the	vertical	extent.	

Heat	maps	of	distance	and	time	taken	
between	subsequent	up	and	dive	profile.	
White	line	=	median

(a)

(b) (c)
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Adapted from D’Asaro et al., 2011

Mixing and stratification by wind-submesoscale interactions

Glider currents Wind stress

MLE – EBF Tango

du Plessis et al., JGR, 2017 & JPO, 2019
Giddy et al., JGR, 2021



Stratification by submesoscale processes

Uchida et al., 2020 
Nicholson et al., 2019

closely. This suggests that the vertical velocities are associated with
mixed-layer instability (MLI), a type of surface-intensified baroclinic
instability associated with submesoscales driven by available
potential energy within the mixed layer33, which is more active in

winter with deep mixed layers. It is interesting to note that the
vertical eddy iron flux (w0 Fe 0; where ð"Þ0 is defined as the anomaly
from the seasonal and zonal climatology using 15-daily snapshot
outputs) is in phase with the biomass and not with vertical velocity
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Fig. 1 A snapshot of phytoplankton biomass in (mg C m−3) and iron in (μmol Fe m−3) in the top 300m. a–c The zonal mean transect of iron and
d vertical profile averaged over the meridional extent of y= 600–1400 km shown as the black arrow in a for our 2 km run (black) and median of the
GEOTRACES dataset (red) acquired through personal communication with Tagliabue et al.6 over all profiles in the open ocean region between the
climatological position of Polar and Subantarctic front (green; e) after applying a three-point median filter in the vertical. The frontal positions were taken
from Orsi et al.50 and extended by 1∘ to the south and north respectively to incorporate more profiles. The colored shading show the standard deviation for
the 2 km run and due to the lack of spatial coverage, the interquartile range is shown for GEOTRACES. The GEOTRACES dataset was biased towards
austral summer so the data used in d for the 2 km run is over Nov.–Feb.
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How to sample with gliders? 

Patmore et al., JTECH, 2024



CHALLENGE: 
How do we observe ocean-atmosphere 

coupling at the fine-scale?



The ocean’s imprint on air-sea fluxes

21

Marcel du Plessis



ARTICLE

Storms drive outgassing of CO2 in the subpolar
Southern Ocean
Sarah-Anne Nicholson 1✉, Daniel B. Whitt 2,3, Ilker Fer 4, Marcel D. du Plessis 1,5,6, Alice D. Lebéhot1,6,7,
Sebastiaan Swart5,6, Adrienne J. Sutton 8 & Pedro M. S. Monteiro 1,6

The subpolar Southern Ocean is a critical region where CO2 outgassing influences the global

mean air-sea CO2 flux (FCO2). However, the processes controlling the outgassing remain

elusive. We show, using a multi-glider dataset combining FCO2 and ocean turbulence, that the

air-sea gradient of CO2 (∆pCO2) is modulated by synoptic storm-driven ocean variability

(20 µatm, 1–10 days) through two processes. Ekman transport explains 60% of the variability,

and entrainment drives strong episodic CO2 outgassing events of 2–4mol m−2 yr−1. Extra-

polation across the subpolar Southern Ocean using a process model shows how ocean fronts

spatially modulate synoptic variability in ∆pCO2 (6 µatm2 average) and how spatial variations

in stratification influence synoptic entrainment of deeper carbon into the mixed layer

(3.5 mol m−2 yr−1 average). These results not only constrain aliased-driven uncertainties in

FCO2 but also the effects of synoptic variability on slower seasonal or longer ocean physics-

carbon dynamics.

https://doi.org/10.1038/s41467-021-27780-w OPEN

1 Southern Ocean Carbon-Climate Observatory (SOCCO), CSIR, Cape Town, South Africa. 2 National Center for Atmospheric Research, Boulder, CO, USA.
3 NASA Ames Research Center, Mountain View, CA, USA. 4Geophysical Institute, University of Bergen, Bergen, Norway. 5 Department of Marine Sciences,
University of Gothenburg, Gothenburg, Sweden. 6 Department of Oceanography, University of Cape Town, Cape Town, South Africa. 7Marine and Antarctic
Research centre for Innovation and Sustainability (MARIS), University of Cape Town, Cape Town, South Africa. 8 NOAA Pacific Marine Environmental
Laboratory, Seattle, WA, USA. ✉email: snicholson@csir.co.za
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Ocean – atmosphere coupling at the fine-scale

surface friction velocity due to the wind (u* defined in Methods) and
the dissipation rate of turbulent kinetic energy (ε) observed by the
profiling glider (Fig. 2a, b). The dissipation rate is a measure of
turbulence and is related to turbulent diffusion and vertical mixing
through stratification. The vertical extent of the elevated ε is
representative of the turbulent boundary layer depth, hereafter
referred to as the mixing-layer depth (XLD, defined in ref. 33).
Turbulent, deep-reaching mixing events down to 150m correspond
with strong wind (high u*) compared with periods of shallower
(about 50m), weaker mixing events occurring during weak winds
(low u*). Here, the observed variability in the magnitude (ε) and
depth of mixing (XLD) was driven primarily by wind (u*), r2= 0.76
and r2= 0.75, respectively (Supplementary Figs. 5 and 6). In contrast
to the highly variable XLD, the density-derived mixed-layer depth
(MLD, defined in Methods) was nearly constant through mid-
January at around 130m (Fig. 2b). This initial MLD of 130m is set
by the winter MLD maximum, and it is coupled to the upper bound
of the high-salinity UCDW (σ= 27.3 kgm−3, defined in ref. 34).
During mid-January the MLD shoaled to about 75m, decoupling

from UCDW and its carbon-rich waters (Fig. 2b, c). The MLD was
not directly sensitive to the variability of the wind (r2= 0, Fig. 2a, b)
and was thus distinctly different from the XLD. This is consistent
with our conventional density threshold definition of the MLD (refer
to Methods), which is not expected to vary with the XLD on synoptic
or shorter timescales33. The absence of correlation between the MLD
and the wind is also consistent with the model of Whitt et al.
(2019)22, in which sub-seasonal u* is weakly correlated with sub-
seasonal MLD both in the subpolar Atlantic sector of the Southern
Ocean and globally. In particular, since the MLD is set by the
integrated effect of mixing, it does not vary on the same timescales as
the wind. Thus, the MLD and XLD manifest different mechanisms
that dominate their modes of variability (seasonal vs synoptic).

But, how do the synoptic variations in pCO2sea relate to wind-
driven upper-ocean physical variability? We address this question
first via qualitative analysis of prominent wind events in the time
series. During intense wind events (>20m s−1, Supplementary
Fig. 2), when the XLD >MLD (particularly during two storm events
centred on 28 December 2018 and 5 January 2019, Fig. 2), the
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Storms drive outgassing of CO2 in the subpolar
Southern Ocean
Sarah-Anne Nicholson 1✉, Daniel B. Whitt 2,3, Ilker Fer 4, Marcel D. du Plessis 1,5,6, Alice D. Lebéhot1,6,7,
Sebastiaan Swart5,6, Adrienne J. Sutton 8 & Pedro M. S. Monteiro 1,6

The subpolar Southern Ocean is a critical region where CO2 outgassing influences the global

mean air-sea CO2 flux (FCO2). However, the processes controlling the outgassing remain

elusive. We show, using a multi-glider dataset combining FCO2 and ocean turbulence, that the

air-sea gradient of CO2 (∆pCO2) is modulated by synoptic storm-driven ocean variability

(20 µatm, 1–10 days) through two processes. Ekman transport explains 60% of the variability,

and entrainment drives strong episodic CO2 outgassing events of 2–4mol m−2 yr−1. Extra-

polation across the subpolar Southern Ocean using a process model shows how ocean fronts

spatially modulate synoptic variability in ∆pCO2 (6 µatm2 average) and how spatial variations

in stratification influence synoptic entrainment of deeper carbon into the mixed layer

(3.5 mol m−2 yr−1 average). These results not only constrain aliased-driven uncertainties in

FCO2 but also the effects of synoptic variability on slower seasonal or longer ocean physics-

carbon dynamics.
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Ocean – atmosphere coupling at the fine-scale

~20 µatm, which are comparable in magnitude to the synoptic
variability (Fig. 1e). The increasing trend in pCO2-SST is due to
progressively increasing sea surface temperature (SST) linked to
seasonally driven solar warming (Supplementary Fig. 3a). Mean-
while, the weakening trend in pCO2-DIC is likely a consequence of a
gradual decrease in DIC by ~10mmol Cm−3 (or equivalently
1000mmol Cm−2 assuming the top 100m is mixed) over
2 months due to biological productivity. Consistent with this
inferred DIC drawdown of 1000mmol Cm−2, bio-optical esti-
mates of net primary productivity from sensors on the Slocum
glider and satellites range from ~13–40mmol Cm−2 d−1 or
equivalently 700–2300mmol Cm−2 over the 56-day deployment

(Supplementary Fig. 4). Ocean advection and a net freshwater flux
due to precipitation could also influence this trend in pCO2-DIC
significantly (Supplementary Fig. 3b), but the relative contributions
of advection and freshwater fluxes are not investigated in this study
(refer to31). Regardless of the driving mechanisms, the seasonal
trends in pCO2-DIC and pCO2-SST approximately compensate for
each other, thus ∆pCO2 fluctuates about its initial value near zero,
and the sign of ∆pCO2 changes on synoptic timescales during the
2-month glider deployment at this site.

To link the synoptic variability of ∆pCO2 and pCO2sea (Fig. 1e, f)
with wind-driven mixed-layer processes that connect the surface
ocean to the DIC-rich subsurface reservoir (Fig. 1c), we show the
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Fig. 1 Observed temporal variability of ∆pCO2 in the outgassing domain of the Southern Ocean. a The annual mean (2005–2019) net air-sea CO2 flux
(FCO2) [mol C m−2 yr−1] from CSIR-ML61,41. Overlaid is the climatological sea-ice concentration maximum from NCEP-DOE AMIP-II Reanalysis 281. The
black dot marks the location of the robotic platforms (labelled Gliders comprising a Wave Glider and Slocum glider). The subpolar outgassing region
considered here is between the climatological sea-ice-edge maximum and the extent of the zonal band of maximum outgassing for 2005–2019 determined
by the 0 contour of the CO2 flux in winter (June–August), shown by black contours. b is as in a except FCO2 is averaged over only the Gliders deployment
period (Dec–Feb 2019). An example meridional section of c Dissolved Inorganic Carbon (DIC) [µmol kg−1] and d Total Alkalinity (AT) [µmol kg−1] along
the Good Hope Line (transect AX25) during 2016 from GLODAPv2.202082,83. The dashed blue contours (27.3 and 27.8 kg m-3 isopycnals) are the upper
and lower bounds of the Upper Circumpolar Deep Water (UCDW). The white contour is the mixed-layer depth (MLD). e Wave Glider observed ∆pCO2,
which is the difference between the partial pressure of CO2 in the surface ocean (pCO2sea) and in the atmosphere (pCO2atm) in µatm. Grey bars highlight
the central part of a storm passage defined using the 25th sea level pressure and 75th wind speed percentiles (Supplementary Fig. 2). f Decomposition of
pCO2sea into its thermal (pCO2-SST) and non-thermal (pCO2-DIC) drivers. The thick lines represent the cumulative contribution of each process to the
observed changes in ∆pCO2 relative to the start of deployment (time= 0). The thin lines show the 10-day rolling mean. Time is given as dd\mm of 2018
and 2019.
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CO2 flux

surface friction velocity due to the wind (u* defined in Methods) and
the dissipation rate of turbulent kinetic energy (ε) observed by the
profiling glider (Fig. 2a, b). The dissipation rate is a measure of
turbulence and is related to turbulent diffusion and vertical mixing
through stratification. The vertical extent of the elevated ε is
representative of the turbulent boundary layer depth, hereafter
referred to as the mixing-layer depth (XLD, defined in ref. 33).
Turbulent, deep-reaching mixing events down to 150m correspond
with strong wind (high u*) compared with periods of shallower
(about 50m), weaker mixing events occurring during weak winds
(low u*). Here, the observed variability in the magnitude (ε) and
depth of mixing (XLD) was driven primarily by wind (u*), r2= 0.76
and r2= 0.75, respectively (Supplementary Figs. 5 and 6). In contrast
to the highly variable XLD, the density-derived mixed-layer depth
(MLD, defined in Methods) was nearly constant through mid-
January at around 130m (Fig. 2b). This initial MLD of 130m is set
by the winter MLD maximum, and it is coupled to the upper bound
of the high-salinity UCDW (σ= 27.3 kgm−3, defined in ref. 34).
During mid-January the MLD shoaled to about 75m, decoupling

from UCDW and its carbon-rich waters (Fig. 2b, c). The MLD was
not directly sensitive to the variability of the wind (r2= 0, Fig. 2a, b)
and was thus distinctly different from the XLD. This is consistent
with our conventional density threshold definition of the MLD (refer
to Methods), which is not expected to vary with the XLD on synoptic
or shorter timescales33. The absence of correlation between the MLD
and the wind is also consistent with the model of Whitt et al.
(2019)22, in which sub-seasonal u* is weakly correlated with sub-
seasonal MLD both in the subpolar Atlantic sector of the Southern
Ocean and globally. In particular, since the MLD is set by the
integrated effect of mixing, it does not vary on the same timescales as
the wind. Thus, the MLD and XLD manifest different mechanisms
that dominate their modes of variability (seasonal vs synoptic).

But, how do the synoptic variations in pCO2sea relate to wind-
driven upper-ocean physical variability? We address this question
first via qualitative analysis of prominent wind events in the time
series. During intense wind events (>20m s−1, Supplementary
Fig. 2), when the XLD >MLD (particularly during two storm events
centred on 28 December 2018 and 5 January 2019, Fig. 2), the
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Fig. 2 Linking wind to vertical mixing and surface ocean pCO2 variability. a Friction velocity (u*) cubed [m s −1]3 computed from the Wave Glider (WG)
wind speeds during austral summer 2018–2019. Grey bars highlight the presence of storms as defined Fig. 1e. Two prominent storm events are highlighted
by black triangles. b Depth-time section of the upper-ocean dissipation rate of turbulent kinetic energy (ε)[m2 s−3] estimated from shear probes on an RSI
MicroRider onboard the profiling glider. As shown in Supplementary Fig. 5, u*3≈ εz where z is depth. The solid black line is the mixing-layer depth (XLD),
the dashed black line is the mixed-layer depth (MLD) and the blue dashed line is the 27.3 kg m−3 isopycnal indicating the upper bound of Upper
Circumpolar Deep Water (UCDW). c Depth-time section of Absolute Salinity [g kg−1] from the profiling glider with the XLD, MLD and UCDW isopycnal
overlaid. dWG observed pCO2-DIC′ [µatm], which is the synoptic anomaly (computed by removing the 10-day rolling mean) of the non-thermal component
of pCO2. e WG observed CO2 flux (FCO2) [mol C m−2 day−1].
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Figure 2. Micrometeorological tower with sensors mounted on the Polar Ship Almirante 
Maximiano’s bow. The tower is 9 m tall and the upper sensors are about 15 m above the sea level. 
The micrometeorological data used in this study were obtained with these instruments. 

Once at sea, the micrometeorological observations were automatically taken at the 20 
Hz frequency. Eddy Covariance (EC) and bulk, air-sea heat fluxes calculations (Equation 
(1) to Equation (4) of Section 2.4) were made to represent each 30 min-window period and 
the data were later interpolated to a 1-h interval to be presented here. For the bulk 
calculations we also used SST data collected by the ship’s thermosalinographer and 
surface current data from a Teledyne 75 kHz Acoustic Doppler Current Profiler (ADCP) 
located at about 5 m depth in the ship’s hull. This last equipment provided us the surface 
current data used to derive the real, not relative (measured by the micrometeorological 
tower’s sonic anemometer) sea level surface winds that are used in our bulk calculations 
[16]. 

Our micrometeorological measurements permit the computations of turbulent heat, 
momentum and gas (water vapor and CO2) fluxes between the ocean and atmosphere. In 
this study, however, we only focused on the sensible and latent heat fluxes as well as on 
their equivalent bulk parametrizations for the same period and positions. In order to 
perform a correction for three-dimensional (3D) movements of the ship when at sea 
making the measurements, the 3D linear accelerations, angular rates and geographical 
position of the ship were measured at the same frequency employed to measure the 
primary micrometeorological data, following the method described by Edson et al. [38] 
and Miller et al. [39]. The three-axis components of the wind vector were measured by the 
sonic anemometer. In order to avoid flow distortions caused by the ships’ structure on the 
vertical component of the wind vector, the sonic anemometer was fixed in a 1 m long 
metal bar installed perpendicularly to the (vertical) mechanical structure of the 
micrometeorological towers and forward to the ship’s bow. This installation procedure is 
of maximum necessity when estimating ocean-atmosphere fluxes with the necessary 
accuracy [16]. 

Figure 2. Micrometeorological tower with sensors mounted on the Polar Ship Almirante Maximi-
ano’s bow. The tower is 9 m tall and the upper sensors are about 15 m above the sea level. The
micrometeorological data used in this study were obtained with these instruments.

Our micrometeorological measurements permit the computations of turbulent heat,
momentum and gas (water vapor and CO2) fluxes between the ocean and atmosphere.
In this study, however, we only focused on the sensible and latent heat fluxes as well as
on their equivalent bulk parametrizations for the same period and positions. In order
to perform a correction for three-dimensional (3D) movements of the ship when at sea
making the measurements, the 3D linear accelerations, angular rates and geographical
position of the ship were measured at the same frequency employed to measure the
primary micrometeorological data, following the method described by Edson et al. [38] and
Miller et al. [39]. The three-axis components of the wind vector were measured by the sonic
anemometer. In order to avoid flow distortions caused by the ships’ structure on the vertical
component of the wind vector, the sonic anemometer was fixed in a 1 m long metal bar
installed perpendicularly to the (vertical) mechanical structure of the micrometeorological
towers and forward to the ship’s bow. This installation procedure is of maximum necessity
when estimating ocean-atmosphere fluxes with the necessary accuracy [16].

The inertial data obtained by the IMU during the INTERCONF-32 cruise were cor-
rected using the method described by Santini et al. [16]. The correction is made by com-
paring the cruise data obtained from the IMU with a robust gyratory balancing device
(Schenck E4) able to precisely account for 3D accelerations in respect to a fixed reference.
Eventual errors were subsequently subtracted from the in situ data. Aiming to have the in
situ sonic anemometer’s wind data corrected for the ship’s 3D movements, we followed
the method proposed by Miller et al. [36] and recently detailed by Hackerott et al. [26] and
Santini et al. [16]. The method uses the angular velocities (rad s�1) and accelerations (m s�2)
in combination with the ship’s heading and velocity data. The last two variables were reg-
istered by the GPS also installed in our micrometeorological tower. The sonic anemometer
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F I G U R E 8 Heat flux observed during the ACEx/SIMTECO cruise between 12 and 19 June 2012 (days 164 to 172) in the southern
oceanic shelf region of Brazil. The red dots in (a) and (b) indicate the EC heat flux valid after the process of correction and filtering. (a) HEC
(grey line), Hbulk (black line); (b) HlEC (grey line) and Hlbulk (black line); (c) Hb − HEC bias (red dots) and Hlb - HlEC bias (blue dots); and (d)
QNET (grey line), THF (blue dots), Rs (black line) and Rl (dashed line)

the synoptic atmospheric transition condition caused an
intensification of the atmospheric instability, which led to
an overestimation of the bulk parametrization that pre-
sented sensible-heat fluxes between 34 and 48 W⋅m−2. The
large negative Hb − HEC difference occurred during the
middle of day 167 and during the end of day 169. During
these days, we observed an atmospheric system transition
from a high to low pressure, resulting in an intensifica-
tion of wind magnitudes (from the south quadrant on both
occasions) and, consequently, a reduction of the MABL
turbulence (Figure 7e). During the days 167 and 169, bulk
estimates could not reproduce the sensible-heat flux inten-
sifications. The SST−T10 difference was more pronounced
in the case of day 169.

During the ACEx/SIMTECO cruise, a second atmo-
spheric transition phase happened between days 170 and
172. The large-scale atmospheric system changed from a

low to a high pressure condition (Figures 6 and 7). In the
surface waters, a transition between the cold waters of the
SBCS and the warmer waters of the BC which caused an
increase in the SST − T10 differences (Figure 7b,c) was
observed. These differences had a direct influence on the
sensible-heat fluxes computed with bulk formulae because
SST − T10 is used to determine the temperature scaling
parameter. During this period, days 170–172, the bulk esti-
mates were similar to the EC measurements (Figure 8a,c).
At the beginning of day 171, however, we observed Hb
–HEC average biases of about −24 W⋅m−2. The underes-
timation of the bulk estimates indicates that the bulk
parametrization was not able to reproduce well the real
(EC) sensible-heat fluxes under transitional atmospheric
conditions when high SST − T10 differences are com-
mon. At the end of day 171, bulk overestimated the EC
measurements by an average of about 5 W⋅m−2.

1 week 



High resolution, multi-month (seasonal scale) observations are needed 
to understand the full system and its variability (incl. long term trends)

… in many systems we need this observed at multi-spheres, 
simultaneously
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with a maximum in BVF of ~80 × 10−5 s−2 sitting just below the MLD
for most of the period, contrasting considerably with the bloom initia-
tion phase when the MLD and maximum stratification were for the
most part separated by 10s to 100s of meters. The depth of maximum
stratification has a tendency to shallow throughout the sustained
bloom phase from 150 m at the beginning of December to 50 m in
mid-February due to the enhanced gradient in the thermocline brought
on by seasonal warming surface waters. The MLD is considerably
shallower (mean = 40 ± 16 m) than the bloom initiation phase.
Although the MLD is still highly variable at meso- to submeso spatial
scales and subseasonal time scales, the magnitude of variability in
MLD is much less with the standard deviation of the MLD decreasing
from 52 m in the bloom initiation phase to 16 m in the sustained
bloom phase (Fig. 5).

Unexpectedly, given the intensity of the seasonal stratification,
chlorophyll concentrations are considerably higher in the sustained
bloomphase (N0.6mgm−3; Figs. 4c and 6e). High-frequency variability
is however, still prominent with high daily rates of change in
chlorophyll-a (0.3 mg m−3 day−1). Unlike the bloom initiation phase,
where shallowMLDs were coincident with high chlorophyll concentra-
tions due to the relief of light limitation, this is not always the case in the
sustained bloomphasewhere low chlorophyll concentrations are some-
times found during periods of shallowMLD (e.g. 9, 28 December and 27
January), while deeper MLDs are tracked by higher chlorophyll concen-
trations (e.g. 16 December, 3, 14 January, 3 February).

5. Discussion

The rationale for the undertaking of this seasonal cycle experiment
was based on the hypothesis that climate change signals will be
reflected in changes to the magnitude, timing and persistence of the
seasonal cycle of upper ocean physics and biogeochemistry (Monteiro
et al., 2011; Swart et al., 2012a,b). Simultaneously sampling the meso-

to submesoscale and seasonal to subseasonal domains is largely absent
in current data sets, even though it is believed to be crucial to defining
the time evolution of fine scale structures in the ocean (kinetic energy
cascade) and their profound impact, for example, on the vertical
pump (Klein and Lapeyre, 2009). In addition, recent studies highlight
substantial variability in the response of Southern Ocean biological pro-
ductivity to physical forcing on interannual, seasonal and subseasonal
timescales (Fauchereau et al., 2011; Glover et al, 2008; Lévy et al.,
2009; Thomalla et al., 2011). These studies stress the importance of un-
derstanding the coupling of physics to biogeochemistry at these high-
resolution scales in both time and space.

The glider data set provides, for the first time, a simultaneous high
temporal (scale) and spatial (scale) resolution view of the upper
ocean physics and biogeochemistry in the SAZ. This study uses the
high-resolution glider data set to characterize and understand the role
of meso- to submesoscale MLD variability in driving the characteristics
of the seasonal cycle of chlorophyll-a (as a proxy for phytoplankton bio-
mass) in the SAZ. The contrasting subseasonal physical and biogeo-
chemical characteristics of the glider transects led to a separation of
the data into the spring bloom initiation phase and the summer
sustained bloom phase. The two ideas described in the Introduction
frame each seasonal period of the data set discussed below.

We are mindful that the non-Lagrangian nature of the gliders raises
the possibility that meso- to submesoscale features, crossed by the
gliders, could play a role in our observed variability of mixed layer char-
acteristics (e.g., MLD and stratification). However, the temporal coher-
ence of both glider's MLD observations at varying spatial separation
scales (up to 213 km apart) supports the view that the subseasonal
MLD magnitudes and variability are primarily forced by synoptic scale
wind forcing in the SAZ region (Fig. S1).

The differences between MLDs observed simultaneously by the two
gliders (Fig. S1), are significantly greater (often N100 m) in the spring
(September–October) compared with the summer period (b20 m).

Fig. 6. Time series for the spring bloom initiation phase of (a) stratification (averaged between 0 and 100 m; N2), (b) surface temperature, (c) surface density, (d) MLD, and (e) surface
chlorophyll-a, asmeasured by Seaglider 573. The gray shadedareas represent particular periods of increasing stratification in order to relate to the other time series. In panel (a) the labeled
ticks represent the corresponding longitude of the glider.
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Swart et al. Enhancing Southern Ocean Flux Observations

FIGURE 2 | (A–C) The 10-year (2008–2017) mean net heat flux (W m�2) for three reanalysis products: ERA5, JRA-55 and NCEP-II. (D–F) The 10-year mean
difference in daily net heat flux (in W m�2) between the products. (G–I) Standard deviation of the daily differences (in W m�2) shown in panel (D–F). Positive
(negative) values denote a heat flux into (out of) the ocean. Magenta line denotes the 10-year mean of the 15% sea ice concentration from NCEP/DOE AMIP-II
Reanalysis representing the maximum sea-ice edge. Gray lines contour the mean (–120 to 120 W m�2 intervals of 40 W m�2), the daily difference (–40 to 40 W m�2

intervals of 20 W m�2), and standard deviation (50 and 100 W m�2). Solid (dashed) contours represent positive (negative) values. Black contours indicate the
10-year mean position of the Sub-Antarctic Front (north) and Antarctic Polar Front (south) from the AVISO Absolute Dynamic Topography (as in Swart et al., 2010).

uncertainty in fluxes and their parameterizations, is feasible.
Statistical significance of observed trends will improve as fixed-
point time series are sustained. Constraining the marginal ice
zone (MIZ), however, remains a priority (Figures 1A,F).

STATUS OF FLUX REANALYSES AND
REQUIREMENTS TO REDUCE
UNCERTAINTY

Gridded satellite and reanalysis datasets in the SO su�er
from a large inter-product spread in estimates of the net
air-sea heat flux (e.g., Liu et al., 2011), stemming from
insu�cient observations, particularly in winter (Figures 1A–E),
and the need to determine the net exchange as the sum of

four individual components (latent – Figures 1E,J, sensible,
shortwave, longwave; Bentamy et al., 2017). Evaluation of the
spread in net heat flux between atmospheric reanalysis products
has revealed regional di�erences up to 60Wm�2 (Liu et al., 2011).
These di�erences persist when zonally averaged and show ship-
based and reanalysis products di�ering by 30–40 Wm�2 at a
given latitude (e.g., Josey et al., 2013).

To further demonstrate first-order uncertainties around SO
air-sea fluxes, a comparison is made between three commonly
used reanalysis products of net heat flux (NCEP-II, ERA5,
and JRA-55; Figure 2). Large mean state (10 year) di�erences
(up to 50 W m�2; Figures 2A–C) and mean daily di�erences
(reaching up to 40 W m�2; Figures 2D–F) exist between
products for large swaths of the SO (e.g., in Figure 2E: mean
daily di�erences >20 W m�2 for 35% of area south of 35�S),
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temporal variability, and the geographical location of
ocean–atmosphere heat exchange. To test this, we compare two
simulations with identical configurations except for the horizontal
resolution (1/48° vs 1/24°). The nonlinear nature of turbulence
(e.g., meso- or smaller scale fluctuations) could cause chaotic
differences between two models due to the position of individual
coherent structures. Therefore, we apply statistical averaging
(annual mean, and 3° × 3° spatial mean) to our following analyses
to compare statistical properties, although differences in coherent
structure at larger scales, e.g., standing eddies in western
boundary currents or the Antarctic Circumpolar Current (ACC),
could still lead to differences between the two model runs (e.g.,
both positive and negative difference in these regions such as in
Fig. 4). The 1/48° model exhibits a greater conversion from
potential energy to kinetic energy (Supplementary Figure 5a),
consistent with resolving submesoscale instabilities over a greater
range of wavelengths, ~10–50 km, as compared to ~20–50 km for
the 1/24° model (see “Methods”). Consequently, the global sub-
mesoscale field is more active in the 1/48° model (Supplementary
Figure 5b–c). This produces stronger submesoscale upward heat
fluxes in the upper ocean: 62% and 5% of the ocean area at
20°–60° mid-latitudes have fluxes that are more than 4W/m2 and
10W/m2 stronger, respectively (Fig. 4a and Supplementary Fig-
ure 5d; annual-mean here and for below). This acts to warm the
sea surface (Fig. 4b): 64% and 8% of ocean area at 20°–60° mid-
latitudes becomes more than 0.06 °C and 0.3 °C warmer,
respectively. Again, these effects (Fig. 4) are mainly caused by
submesoscale motions in the 10–20 km range. This result is fur-
ther explained as follows: the stronger submesoscale upward heat
flux in the 1/48° model (Fig. 4a and Supplementary Figure 5d),
i.e., the stronger restratification flux, causes a shallower mixed
layer in the 1/48° model (dashed and dotted curves in

Supplementary Figure 4b; Fig. 4d). This process is equivalent to a
stronger slumping of isopycnals7,27 (approximately temperature
contours) in the 1/48° model (solid curves in Supplementary
Figure 4b). This submesoscale-driven slumping of temperature
contours explains the ocean surface warming (roughly within the
range of wintertime mixed layer; Supplementary Figure 4b, b) and
the deeper cooling (roughly below the wintertime mixed layer;
Supplementary Figure 4b). This sea surface warming (Fig. 4b)
results in a larger release of heat from the ocean to the atmo-
sphere via intensified upward air–sea heat flux anomalies
(Fig. 4c): 60% and 8% of the ocean area between 20° and 60° in
both hemispheres show an intensification of the annual-average
air–sea flux by more than 4W/m2 and 10W/m2, respectively.
This increase in air–sea flux ultimately balances the stronger
submesoscale upward heat flux (Fig. 4c vs 4a, see also explanation
in “Methods”). This 4–10W/m2 air–sea flux response is a sig-
nificant fraction of the climatological, as well as our model’s, net
air–sea heat flux, which is ≲20W/m2 over broad regions of the
ocean basins25.

Discussion
Our numerical simulation of the global ocean has permitted an
estimate of the vertical heat fluxes caused by submesoscale
motions at ~10–50 km range (in terms of wavelengths, see
“Methods”). This global ocean simulation is state of the art in
terms of resolution; at the time of writing this manuscript, it
remains impractical to go beyond a ~2 km resolution in a global
model. We acknowledge that the heat flux contributions from
submesoscale motions not resolved by this model (~0.1–10 km)
could be significant and could quantitatively alter the values
presented in this study. However, recent studies provide strong
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Fig. 4 Sensitivity of the global heat budget to model resolution. Global maps of the annual-mean difference of a submesoscale vertical heat flux, b ocean
surface temperature, c net air–sea heat flux, and d mixed layer depth between the 1/48° model and the 1/24° model (1/48° model minus 1/24° model).
Values are spatially smoothed over 3° × 3° square boxes. The two models have identical setups except for the horizontal resolution. The model differences
here are mainly caused by submesoscale at 10–20 km range. In most area of mid-latitudes, the 1/48° model exhibits upward heat transport at
submesoscales larger than the 1/24° model, by ~4–10W/m2 (a; about 14% larger, as in Supplementary Figure 5d). This results in a sea surface warming of
~0.06–0.3 °C (see b). This is ultimately compensated by a stronger upward ocean–atmosphere heat exchange (~4–10W/m2, c vs a). The 1/48° model
generally has a shallower mixed layer depth than the 1/24° model (see d). This is due to a stronger restratification in the 1/48° model (i.e., heat flux as in
a) and is linked to most of the difference in sea surface temperature (see b). This is illustrated further in Supplementary Figure 4
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temporal variability, and the geographical location of
ocean–atmosphere heat exchange. To test this, we compare two
simulations with identical configurations except for the horizontal
resolution (1/48° vs 1/24°). The nonlinear nature of turbulence
(e.g., meso- or smaller scale fluctuations) could cause chaotic
differences between two models due to the position of individual
coherent structures. Therefore, we apply statistical averaging
(annual mean, and 3° × 3° spatial mean) to our following analyses
to compare statistical properties, although differences in coherent
structure at larger scales, e.g., standing eddies in western
boundary currents or the Antarctic Circumpolar Current (ACC),
could still lead to differences between the two model runs (e.g.,
both positive and negative difference in these regions such as in
Fig. 4). The 1/48° model exhibits a greater conversion from
potential energy to kinetic energy (Supplementary Figure 5a),
consistent with resolving submesoscale instabilities over a greater
range of wavelengths, ~10–50 km, as compared to ~20–50 km for
the 1/24° model (see “Methods”). Consequently, the global sub-
mesoscale field is more active in the 1/48° model (Supplementary
Figure 5b–c). This produces stronger submesoscale upward heat
fluxes in the upper ocean: 62% and 5% of the ocean area at
20°–60° mid-latitudes have fluxes that are more than 4W/m2 and
10W/m2 stronger, respectively (Fig. 4a and Supplementary Fig-
ure 5d; annual-mean here and for below). This acts to warm the
sea surface (Fig. 4b): 64% and 8% of ocean area at 20°–60° mid-
latitudes becomes more than 0.06 °C and 0.3 °C warmer,
respectively. Again, these effects (Fig. 4) are mainly caused by
submesoscale motions in the 10–20 km range. This result is fur-
ther explained as follows: the stronger submesoscale upward heat
flux in the 1/48° model (Fig. 4a and Supplementary Figure 5d),
i.e., the stronger restratification flux, causes a shallower mixed
layer in the 1/48° model (dashed and dotted curves in

Supplementary Figure 4b; Fig. 4d). This process is equivalent to a
stronger slumping of isopycnals7,27 (approximately temperature
contours) in the 1/48° model (solid curves in Supplementary
Figure 4b). This submesoscale-driven slumping of temperature
contours explains the ocean surface warming (roughly within the
range of wintertime mixed layer; Supplementary Figure 4b, b) and
the deeper cooling (roughly below the wintertime mixed layer;
Supplementary Figure 4b). This sea surface warming (Fig. 4b)
results in a larger release of heat from the ocean to the atmo-
sphere via intensified upward air–sea heat flux anomalies
(Fig. 4c): 60% and 8% of the ocean area between 20° and 60° in
both hemispheres show an intensification of the annual-average
air–sea flux by more than 4W/m2 and 10W/m2, respectively.
This increase in air–sea flux ultimately balances the stronger
submesoscale upward heat flux (Fig. 4c vs 4a, see also explanation
in “Methods”). This 4–10W/m2 air–sea flux response is a sig-
nificant fraction of the climatological, as well as our model’s, net
air–sea heat flux, which is ≲20W/m2 over broad regions of the
ocean basins25.

Discussion
Our numerical simulation of the global ocean has permitted an
estimate of the vertical heat fluxes caused by submesoscale
motions at ~10–50 km range (in terms of wavelengths, see
“Methods”). This global ocean simulation is state of the art in
terms of resolution; at the time of writing this manuscript, it
remains impractical to go beyond a ~2 km resolution in a global
model. We acknowledge that the heat flux contributions from
submesoscale motions not resolved by this model (~0.1–10 km)
could be significant and could quantitatively alter the values
presented in this study. However, recent studies provide strong

Model difference, in submesoscale vertical heat flux at 40 m depth in mean temperature of top 40 m

in mixed layer depth, negative: shallowerin net air-sea heat exchange, positive: upward

60

a b

c d

40

20

0

–20

La
tit

ud
e 

(°
)

–40

–60

–80

60

40

20

0

–20

La
tit

ud
e 

(°
)

Longitude (°)

–40

–60

–80
0 60 120 180 240 300 360

Longitude (°)
0 60 120 180 240 300 360

20

0.4

0.2

–0.2

–0.4

30

20

10

–10

–20

–30

0

0

(°C)

(m)

15

10

5

–5

–10

–15

–20

0

(W/m2)

Fig. 4 Sensitivity of the global heat budget to model resolution. Global maps of the annual-mean difference of a submesoscale vertical heat flux, b ocean
surface temperature, c net air–sea heat flux, and d mixed layer depth between the 1/48° model and the 1/24° model (1/48° model minus 1/24° model).
Values are spatially smoothed over 3° × 3° square boxes. The two models have identical setups except for the horizontal resolution. The model differences
here are mainly caused by submesoscale at 10–20 km range. In most area of mid-latitudes, the 1/48° model exhibits upward heat transport at
submesoscales larger than the 1/24° model, by ~4–10W/m2 (a; about 14% larger, as in Supplementary Figure 5d). This results in a sea surface warming of
~0.06–0.3 °C (see b). This is ultimately compensated by a stronger upward ocean–atmosphere heat exchange (~4–10W/m2, c vs a). The 1/48° model
generally has a shallower mixed layer depth than the 1/24° model (see d). This is due to a stronger restratification in the 1/48° model (i.e., heat flux as in
a) and is linked to most of the difference in sea surface temperature (see b). This is illustrated further in Supplementary Figure 4
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24th to 48th deg model Q difference
Su et al., 2018
But resolving at 10-50 km



Challenges

• Upper ocean and atm are very variable – but process studies are spotty! 
• Challenge: to get a better fine-scale view over circumpolar 

extent and the atm-ocean coupling… to know its impacts on 
fluxes and ventilation + dissipation (with models!)

• Autumn - winter - spring gaps and transitions
• Challenge: field access and endurance to get a better fine-scale 

view of the temporal and regional atm-ocean coupled system to 
know its impacts on fluxes and ventilation

• The MIZ and under sea ice: very poorly observed/known
• Challenge: Technological + field access and coverage


